Vertebrate fossils and continental sediments provide a rich record of variations in the isotopic composition of surface environments. To interpret these records, a greater understanding of isotopic sources, as well as fractionations associated with animal physiology, soil geochemistry, and diagenesis, has been essential. Tooth enamel and fish otoliths yield subannual records of surface environments, whereas soil minerals may integrate signals over many thousands of years. Carbon isotope variations in fossil vertebrates and soils record changes in the structure of vegetation and the isotope composition and concentration of atmospheric CO 2 . Oxygen isotope variations may be indirectly related to climate, through reconstruction of the oxygen isotope composition of meteoric water, or directly related to temperature, through application of oxygen isotope paleothermometry to soil minerals or otoliths. In Africa, nitrogen isotope variations show promise as a proxy for rainfall abundance, though the generality of this association elsewhere has not been demonstrated.
INTRODUCTION
Natural variations in stable isotope ratios have become indispensable tools in fields as diverse as geochemistry, hydrology, ecology, and anthropology. The application of stable isotopes to paleoceanography and marine paleoclimatology has been spectacularly successful, revealing both long-term trends in marine climate and the response of the oceans to short-term orbital forcing and sudden events (Imbrie et al 1984 , Zachos et al 1993 . Isotopic reconstruction of conditions on land is more difficult, however, because land ecosystems and climates exhibit greater spatial and temporal heterogeneity and the isotope systems applied in these settings are more complex. Even so, over the past decade, there has been a surge in studies of continental paleoclimates and paleoenvironments, spurred by the need to examine the response of land ecosystems to past climate change (Swart et al 1993) .
I examine methods to reconstruct continental climates and environments that rely on the isotopic chemistry of fossil vertebrates and the authigenic minerals and organic matter associated with fossils in paleosols. There are three reasons for this focus. First, vertebrate localities are often well dated, placing isotopic records from these sites in a firm chronology. Second, biogenic materials integrate environmental isotope signals over a short period of time (months to decades), depending on the organism's life span and the rate of tissue turnover. Isotopic signals in pedogenic minerals and organic matter are integrated over greater intervals, though resolution of 10 2 to 10 4 years may be possible at sites with high depositional rates. Last, to understand the influence, or lack of influence, of changes in the physical environment on land biota, we need records of local environmental change. No records of environmental change are more closely tied to the biota than those extracted from the skeletons of dead animals or the soils that surround them. (Urey 1947 ). For elements with an atomic mass <40, these differences can lead to measurable isotopic partitioning between substances during physical and chemical processes (i.e. fractionation) that labels the substances with distinct isotope ratios. Natural fractionations are small, so isotopic abundances are reported as parts per thousand (‰) deviation in isotope ratio from a standard, using the δ notation, where δX = [(R sample /R standard ) − 1] × 10 3 . R sample and R standard are the high-mass to low-mass isotope ratios of the sample and the standard, respectively. Commonly used standards for O ratios are a marine carbonate, the Peedee belemnite (PDB), atmospheric nitrogen, and standard mean ocean water (SMOW), respectively (PDB is often used as an oxygen isotope standard for marine carbonate in paleoceanographic research; I report soil carbonate values relative to SMOW and PDB). Positive δ values indicate an enrichment in the high-mass isotope relative to the standard; negative values indicate depletion. Isotopic fractionations between two substances, a and b, are described using either a difference value ( ), where X a-b = δX a − δX b , or a fractionation factor (α), where α a-b = (δX a + 1000)/(δX b + 1000).
The two measures of fractionation are related, as 1000 lnα a-b ≈ X a-b (O'Neil 1986a , Hoefs 1997 .
Two broad classes of phenomena produce isotopic fractionation: equilibrium exchange reactions and kinetic processes. Isotopic equilibrium may occur during the exchange of isotopes among substances by bidirectional chemical reactions. The partitioning of isotopes among substances is a function of differences in bond strength for the isotopic species in each substance, which are related to thermodynamic properties (O'Neil 1986b) . The magnitude of equilibrium isotope fractionation is often sensitive to temperature, serving as the basis for isotope thermometry (O'Neil 1986b) . Isotopic equilibrium may be attained in some of the simpler reactions discussed below, such as the precipitation of biological or pedogenic minerals from solution. At isotopic equilibrium near earth surface temperatures, most of these systems predict that minerals (a) will be enriched in the high-mass isotope relative to the solutions (b) from which they precipitate (i.e. α a-b > 1, X a-b is positive).
Kinetic isotope effects occur during transport processes and in either incomplete or branching unidirectional chemical reactions. Their magnitude is a function of differences in rates of diffusion or reaction for different isotopic species (O'Neil 1986b , Hoefs 1997 . Kinetic isotope effects are important in the more complex biochemical processes discussed below, as well as in the diffusion of gases. In general, low-mass isotopic species react and diffuse more rapidly, leading to their enrichment in the products of processes (i.e. α a-b < 1, X a-b is negative).
Variations in carbon and oxygen isotope ratios form the core of this review. Carbon isotope variations in continental settings primarily reflect isotopic variations in land plants, but in recent years, carbon isotopes have been used to link events between land and sea, to reconstruct the partial pressure of CO 2 in the atmosphere (P CO 2 ), and to study changes in floral composition and structure. Continental oxygen isotope records have been used to reconstruct surface temperature, as well as the δ 18 O of meteoric water (rain and snow), which is itself sensitive to temperature and vapor transport. In evaluating these systems, materials with the potential to shed light on pre-Quaternary climates and environments are emphasized, though I discuss organic substrates, such as proteins, that are abundant only in the Quaternary. Finally, I briefly consider nitrogen isotopes ( 15 N/ 14 N) and the paleoenvironmental information they provide. Hydrogen isotope variations in cellulose and clay minerals have been used extensively in studies of the composition of ancient meteoric water (Yapp & Epstein 1977 , Lawrence & Rashkes Meux 1993 . As the oxygen and hydrogen isotope systems provide broadly similar information, I do not treat hydrogen isotopes here.
SOURCES OF THE RECORD

Fossil Vertebrates
Vertebrates have various calcified tissues with organic matrices that may survive in the fossil record, including endoskeletons of calcium phosphate (bones and teeth), calcium carbonate eggshells of birds and reptiles, and calcium deposits used in balance and hearing (otoliths). Isotopic records have been retrieved from biominerals from all these tissues. While proteins in bone, dentin, and eggshell have been the main substrates for organic isotope analysis, there is growing interest in individual amino acids and lipids (Stott & Evershed 1996 , Fogel et al 1997 .
The mineral in bone, tooth enamel, and tooth dentin is a form of hydroxylapatite (Ca 10 [PO 4 ,CO 3 ] 6 [OH,CO 3 ] 2 ). Bone is composed of tiny apatite crystals (∼100 × 20 × 4 nm) intergrown with an organic matrix (chiefly composed of the protein collagen) that comprises ∼30% of its dry weight (Simkiss & Wilbur 1989) . Enamel is much less porous than bone. It contains <5 wt% organic matter (chiefly non-collagenous proteins), and it has much larger crystals (∼1000 × 130 × 30 nm) with fewer defects and substitutions (LeGeros 1981) . The crystal size, organic content, and organic composition of tooth dentin resemble that of bone, whereas its porosity is intermediate between enamel and bone (Lowenstam & Weiner 1989) .
Following initial deposition, bone is remodeled in the living organism by dissolution and reprecipitation (Lowenstam & Weiner 1989 , Simkiss & Wilbur 1989 . Remodeling is most active in mammals and birds, but it occurs to some extent in all vertebrates (Reid 1987) . In contrast, enamel forms by accretion without remodeling, and mineralization is complete prior to tooth eruption. Like enamel, dentin grows by accretion with little remodeling (Lowenstam & Weiner 1989) . Thus dentin and enamel in different teeth form at different times in an animal's life. Both tissues exhibit incremental laminations at a variety of temporal scales, from daily to annual (Carlson 1990) , and sequential analysis of growth increments provide a time series of changes in body chemistry (Koch et al 1989) . A caveat that must be recognized when studying teeth is that, except for groups with ever-growing teeth (e.g. elephants, rodents) or continuous tooth replacement (e.g. fish, amphibians, reptiles), mineralization takes place early in the animal's life.
Bird and crocodile eggshells are composed of tiny crystals secreted around a honeycomb of fibrous organic sheets. The crystalline portion of shells is almost entirely calcite. In bird eggs, mineral occurs in three distinct layers, covered externally by cuticle and anchored internally to a shell membrane (Simkiss & Wilbur 1989) . The organic matrix comprises ∼3% of the mass of bird eggshell and is largely protein (∼70%) with lesser amounts of carbohydrate and lipid (Burley & Vahedra 1989) . Eggshell crystallization in the oviduct occurs rapidly, lasting only 20 h in chickens and perhaps 36 h in ostriches (Burley & Vahedra 1989 , Johnson 1995 .
Otoliths are mineralized bodies in the vertebrate inner ear (Panella 1980) . In most vertebrates, the inner ear consists of a series of fluid-filled sacs and canals. Otolith mineralogy varies among vertebrates: Apatite occurs in agnathans, aragonite occurs in jawed fish and amphibians, and calcite occurs in amniotes (Simkiss & Wilbur 1989) . In teleost fish, calcification occurs on a preformed organic matrix rich in non-collagenous proteins and mucopolysacchrides (Panella 1980) . Teleost otoliths exhibit growth laminations formed at a variety of temporal scales (i.e. daily to lunar to annual) that are used in studies of age and growth rate (Panella 1980 , Campana & Nielson 1985 .
Controls on the Isotopic Composition of Vertebrates
Diet, behavior, and physiology act as filters between isotopic records in the environment and those retained in vertebrate tissues. Isotopic studies of physiology and diet are interesting in their own right, and they have been reviewed elsewhere (van der Merwe 1982 , DeNiro 1987 , Schwarcz & Schoeninger 1991 , Koch et al 1994 . Here, I present only the general background needed to interpret climatic and environmental isotope signals in organisms. Also, the discussion of isotopic controls on land vertebrates is limited to herbivores, who sample environmental signals in plants and surface waters most directly.
CARBON ISOTOPES IN VERTEBRATES Carbon in fish otolith aragonite is derived from HCO − 3 dissolved in the inner ear fluid. This HCO − 3 is at least partly supplied by the water in which the fish lives. Otolith aragonite is often far from isotopic equilibrium with the environmental HCO − 3 , however (Kalish 1991a,b) . A possible cause of disequilibrium is the presence of metabolic CO 2 in inner ear fluid (Kalish 1991b). As the δ 13 C of otolith aragonite is a poor monitor of environmental 13 C/ 12 C ratios, I do not consider it further. The source of carbon in the mineral and organic matrices of herbivore bones, teeth, and eggshells is food. Each tissue is offset in δ
13
C from diet by a characteristic amount. In feeding experiments, 13 C between mammal apatite carbonate and bulk diet is ∼+10‰ (Table 1) . The value estimated for wild mammals is greater, +12-14‰. The difference between bird eggshell carbonate and diet is larger still, +14-+16‰. The fractionations among dissolved CO 2 (derived from oxidation of food), blood HCO − 3 , and carbonate mineral at mammal and bird body temperatures are such that a 13 C of ∼10‰ is expected between apatite carbonate and food (von Schirnding et al 1982) . Feeding studies show that the δ 13 C of collagen is largely a function of the δ 13 C of dietary protein, not bulk diet (Ambrose & Norr 1993 , Tieszen & Fagre 1993 . The δ 13 C of herbivore Bocherens et al (1996) ; 8, Bocherens & Mariotti (1992) c ; 9, Tieszen et al (1983); 10, Hobson & Clark (1992) d ; 11, Koch et al (1991); 12, von Schirnding et al (1982) c ; 13, Hobson (1995) e ; 14, Johnson (1995); 15, Gaebler et al (1966); 16, DeNiro & Epstein (1981); 17, Ambrose (1991 collagen tracks bulk diet because the δ 13 C of plant protein covaries with that of bulk plant carbon (Abelson & Hoering 1961 , Tieszen 1994 . In laboratory animals raised on isotopically homogeneous diets, 13 C between collagen and bulk diet ranges from 1 to 4‰, whereas in wild mammals and birds, the estimated value is ∼5‰.
13 C between eggshell matrix protein and bulk diet is ∼2‰. The discrepancies between lab and field estimates of 13 C values are unresolved, but they may relate to differences in diet quality and the extent of fermentation during digestion (Metges et al 1990) . In any case, the field estimates are remarkably consistent across a range of taxa and habitats (Table 1) , which demonstrates that herbivore biominerals and organic matrices provide robust monitors of the 13 C of vegetation. N values are observed in animals inhabiting arid regions, perhaps owing to differences in nitrogen cycling or urea loss associated with adaptations for drought tolerance (Heaton et al 1986 , Sealy et al 1987 .
OXYGEN ISOTOPES IN VERTEBRATES Otolith aragonite precipitates in oxygen isotope equilibrium with the water in which fish live (Kalish 1991a ,b, Patterson et al 1993 . The temperature-dependent fractionation for otolith aragonite, obtained by Patterson et al (1993) through analysis of benthic fish from large lakes and hatchery-reared fish, is 1000 lnα aragonite-water = 18.56 ± 0.32 × 10 3 T −1 −33.49 ± 0.31 (r = 0.99), (1) where T is in kelvins. The slope of Equation 1 is identical to slopes obtained for other organisms by Grossman & Ku (1986) , but the intercept differs by ∼2.5‰. The situation is more complex for land vertebrates. Biominerals are often assumed to form in oxygen isotope equilibrium with body fluids because of the rapid, enzyme-catalyzed exchange of oxygen among body water, blood phosphate, and blood carbonate (Nagy 1989 ). The few comparisons of body water and bird eggshell carbonate range from near equilibrium to an 18 O-enrichment of 3l greater than the equilibrium value (Folinsbee et al 1970 , Schaffner & Swart 1991 . Estimates of oxygen isotope fractionations between phosphate and water are similar across a phylogenetically diverse group of aquatic organisms, suggesting the fractionation is an equilibrium process and is not strongly influenced by biological/kinetic effects (Longinelli & Nuti 1973 , Kolodny et al 1983 , Lécuyer et al 1996 . An example is the relationship obtained by Kolodny et al (1983) for benthic fish:
where T is in degrees Celsius and
18
O values are relative to SMOW. At 37
• C (mammal body temperature), Equation 2 yields a difference between the δ 18 O of biogenic apatite and that of body water of 17.4‰. Observed differences for rats and cows range from 17.2 to 17.8‰, supporting the conclusion that the fractionation is one of equilibrium (Luz & Kolodny 1985 , D'Angela & Longinelli 1990 ). Finally, because the δ
O values of apatite phosphate and carbonate within individual mammals are strongly correlated, it is likely that carbonates are also in isotopic equilibrium with body water (Bryant et al 1996b , Iacumin et al 1996 , Cerling & Sharp 1996 . Bryant et al (1996b) O of body water in aquatic organisms is similar to that of external, environmental water, body water in land vertebrates differs from local water. Body water is a mixture of ingested water (both drinking water and water in plants) and metabolic water produced by oxidation of food (Luz et al 1984) . Thus metabolic water includes oxygen from atmospheric O 2 , which has a globally constant δ 18 O value of ∼+23‰, significantly greater than that of surface waters (Hoefs 1997). Fortunately, there are taxon-specific relationships between the δ
O of ingested water and body water that are predictable from body size and physiology (Bryant & Froelich 1995 , Kohn 1996 . Large animals (>100 kg) track the δ 18 O of ingested water most closely (Ayliffe et al 1992 , Bryant & Froelich 1995 . Studies of modern mammals and birds confirm that the δ
O of biominerals and meteoric water covary, though tracking may be strongly affected by 18 O enrichment of ingested leaf water (Folinsbee et al 1970 , Land et al 1980 , Longinelli 1984 , Luz & Kolodny 1985 , Ayliffe & Chivas 1990 (Figure 1 ). DIAGENETIC ALTERATION OF VERTEBRATE FOSSILS Many studies have shown that apatite from bone and dentin undergoes pervasive isotopic alteration. Removal of altered material by pretreatment is difficult, as is independent diagnosis of the extent of alteration (Nelson et al 1986 , Lee-Thorp & van der Merwe 1991 , Ayliffe et al 1994 , Kolodny et al 1996 , Koch et al 1997 . A likely mechanism for alteration is recrystallization of tiny bone and dentin crystals to a more stable form of apatite (Sillen 1989) . Barrick et al (1996) present intriguing evidence that suggests that dinosaur bones may retain original phosphate δ
O values, but the general consensus is that, with the exception of unusually well-preserved Holocene/Pleistocene materials, bone and dentin are poor substrates for analysis. In contrast, there is mounting evidence that the large apatite crystals in enamel retain isotopic values acquired during life. The strongest evidence for isotopic preservation is the occurrence, within a single deposit, of expected differences among ecologically distinct taxa (Lee- , Morgan et al 1994 , Bocherens et al 1996 . While enamel apatite carbonate appears isotopically robust, small shifts (∼2‰) in δ 13 C value towards the value for co-occurring sedimentary carbonate have been detected that may reflect early alteration and stabilization (Lee- , Quade et al 1992 . Ayliffe et al (1992) , Johnson (1995), and Iacumin et al (1996) . All values reported relative to standard mean ocean water (SMOW).
Aragonitic skeletons undergo transformation to calcite with time. It has commonly been assumed that if a fossil is composed entirely of aragonite, then it will yield original isotopic values (Dettman & Lohmann 1993 , Patterson 1998 . Because eggshells are composed of calcite, their state of preservation is harder to assess. Trace element composition and shell microstructure have been used to diagnose preservational state (Erben et al 1979) , but neither of these criteria are sufficient to guarantee isotopic preservation (Banner & Kaufman 1994) . Eggshells of Holocene/Pleistocene age are unlikely to be strongly altered, but results from older materials must be viewed with caution.
As with aragonite, it is usually assumed that if a complex biomolecule survives in a fossil, then its isotopic composition is unaltered. Contamination by exogenous organics is a problem, but methods are available to extract proteins from biominerals (Koch et al 1994 , Johnson 1995 . Isotopic effects induced by decay are poorly understood, but they may alter the isotopic composition of organic residues relative to that of the living organism (Tuross et al 1988 , Silfer et al 1992 , Johnson 1995 . Useful guides to protein preservation are the presence of an organic replica of the fossil after demineralization, protein KOCH yield, and the C:N ratio and amino acid composition of the residue (DeNiro & Weiner 1988 , Tuross et al 1988 , Ambrose 1990 ). When organic matrices have been badly degraded or contaminated, isotopic records can be retrieved from individual amino acids (Tuross et al 1988 , Johnson et al 1993 ,Ostrom et al 1994 .
Pedogenic Minerals and Organic Residues
Isotopic records have been obtained from many substrates in paleosols and continental sediments. In this review, I focus on soil carbonates, iron oxides, and organic residues. Soil mineral formation has been treated largely as a problem in inorganic chemistry, but an appreciation of the role of plants and soil microbes on mineral dissolution and formation, which has always been acknowledged, is growing (Fischer 1988 , Sposito 1989 , Monger et al 1991 . Plants are the ultimate source of organic carbon in soils, of course, but decay processes also affect the isotopic composition of soil organics.
Modern soils in arid to sub-humid climates, as well as many paleosols, contain horizons rich in authigenic calcium carbonate (Birkeland 1984) , which I refer to as soil carbonate. (There are other carbonate-containing phases in soils, but of these, only goethite is mentioned below.) Soil carbonate formation is largely controlled by carbonate-bicarbonate equilibria:
(3) (Birkeland 1984) . Soil CO 2 , which is the ultimate source of carbon in soil carbonates, is derived from soil respiration and atmospheric CO 2 ; dissolution of parent-rock carbonates contributes little carbon to soil CO 2 . High soil CO 2 production and organic decay generate acidic solutions that leach the upper part of a soil. As fluids percolate downward into the soil, an increase in [Ca 2+ ] or pH may lead to calcite precipitation (Equation 3). Leaching of parent-rock carbonate and incipient precipitation of soil carbonate may occur in hundreds to thousands of years, but the formation of thick layers of carbonate takes tens to hundreds of thousands of years (Birkeland 1984) . Carbonate may also form at the top of the water table (Wright & Vanstone 1991) , but pedogenic carbonates can be recognized by their relationships to other soil features (Koch et al 1995 , Quade & Cerling 1995 .
Iron oxides occur in modern soils and surface deposits as dispersed microcrystalline particles, cements, and nodules. There are two common crystalline iron oxide phases in surface deposits-goethite (αFeOOH) and hematite (αFe 2 O 3 ). The chemistry of iron oxide formation in surface deposits is complex and poorly constrained at present. Hematite probably forms by dehydration and internal rearrangement of ferrihydrite (5Fe 2 O 3 · 9H 2 O), a structurally similar but highly disordered and poorly crystalline precursor. Goethite probably forms by nucleation and crystal growth directly from solution, with dissolved iron supplied by a variety of sources (Schwertmann & Taylor 1989) . Goethite formation is favored in organic-rich sediments in cool, wet regions, whereas hematite formation occurs in organic-poor sediments in warm, dry regions . Microbial activity is involved in the precipitation of some iron oxides, usually with ferrihydrite as a precursor (Crerar et al 1979 , Gehring et al 1994 . Goethite also occurs as a product of the weathering of oolitic limestone (Kimberley 1979) .
Carbon isotope ratios have been measured in many different types of organic matter, including humic and fulvic acids, kerogen, bulk organic matter, organic matter in soil minerals, coal, and fossilized leaves. Humic and fulvic acids are dissolved organic fractions produced by decay of soil organic matter, and as such, they contain a complex mixture of organic compounds derived from the range of organisms present on and in soils (Sposito 1989) . Bulk soil and mineral-occluded organic matter are rarely characterized geochemically prior to isotopic analysis but are extracted in a manner similar to kerogen (i.e. highly insoluble, resistant sedimentary organic matter). Classically, kerogen was thought to form by polymerization and condensation of organic molecules released by decay (e.g. humic substances, traces of resistant macromolecules) (de Leeuw & Largeau 1993) . However, because most sedimentary organic carbon is remineralized by microbial communities, it has recently been argued that kerogen is dominated by resistant biomacromolecules. For example, Tegelaar et al (1991) have demonstrated that fossil leaf cuticles are largely composed of the resistant biopolymer cutan.
Controls on the Isotopic Composition of Pedogenic Minerals and Organic Residues
CARBON ISOTOPES IN PALEOSOLS Organic residues in modern soils reflect the δ 13 C of the overlying flora in areas that have not experienced recent floral change (Balesdent et al 1993 . At advanced stages of decomposition, insoluble soil organic matter is enriched in 13 C by ∼1-2‰ relative to the overlying flora, though the dynamics of carbon isotopes during decomposition are complex (Melillo et al 1989 , Balesdent et al 1993 , Wedin et al 1995 . Different plant macromolecules (e.g. proteins, lipids, lignins, cellulose) have distinct δ 13 C values; therefore, differential loss of components during decomposition may lead to isotopic shifts (Benner et al 1987 , Wedin et al 1995 . Mineral-occluded organic matter has been favored in paleoenvironmental studies, as it is less susceptible to contamination. However, Bird et al (1994) demonstrated that even insoluble, mineral-occluded, organic carbon can be contaminated by "young" organic matter. To circumvent diagenetic and contaminant effects, and to characterize discrete members of ancient ecosystems, many marine isotope studies now examine molecular biomarkers rather than bulk organic carbon (Hayes et al 1990) . This approach would improve continental isotope studies as well .
Because its carbon is derived from soil CO 2 , the δ 13 C of soil carbonate is strongly correlated to that of soil organic matter and the overlying flora (Figure 2a) . Atmospheric CO 2 , which has a δ 13 C value less negative than that of plants, contributes to soil CO 2 near the surface, but the CO 2 deep (>30 cm) in a soil with a moderate to high respiration rate is largely supplied by plant decay and root respiration. These processes generate CO 2 that is isotopically similar to organic matter (Figure 3) . Diffusion of CO 2 from the soil to the atmosphere leads to a 13 C enrichment of ∼4.4‰ for CO 2 at depth in a soil relative to soil organic matter (Amundson 1989 . Finally, temperature-dependent fractionations associated with precipitation of calcite sum to ∼10.5‰ (Figure 3) . As a consequence of these processes, modern carbonates forming below ∼30-cm depth have δ 13 C values 15.1 ± 1.1‰ higher than those of organic matter. Cerling (1984) developed a diffusion-reaction model that explains much of the spatial and depth-related variation in the δ 13 C of soil carbonate. An implication of the model is that, under higher P CO 2 , more of the CO 2 at depth in soils would be derived from the atmosphere, increasing the 13 C between soil carbonate and organic matter (Cerling 1992b ). This Figure 3 Carbon isotope values and fractionations among carbon-bearing materials in continental ecosystems. Fractionating processes are indicated in italics. The figure uses the pre-industrial value for atmospheric CO 2 . Values for all materials, and some fractionations, will change with differences in the isotope composition and concentration of atmospheric CO 2 .
feature of the system (and the somewhat analogous behavior for carbonate in goethite) has been used to generate estimates of past atmospheric P CO 2 that are in accord with the results of geochemical modeling (Cerling 1992b , Mora et al 1996 , Yapp & Poths 1996 , Berner 1997 
where T is in kelvins (Friedman & O'Neil 1977) . At depths of ∼1 m, monthly averages for soil and air temperature are similar, and the δ
18
O of soil water is relatively invariant and closest in value to meteoric water (Allison et al 1984 , Amundson 1989 , Brady 1990 . As expected, the δ
O of modern, deeply formed soil carbonates is correlated to the δ 18 O of meteoric water (Figure 2b ). Yet soil carbonate is typically 18 O-enriched by 2-10‰ relative to calcite in equilibrium with meteoric water, most likely owing to evaporative enrichment of soil water . Thus, paleosol carbonates do not yield quantitative estimates of temperature or the δ
O of meteoric water. Rather, they serve as general indicators of environmental differences through time or among sites.
The fractionation of oxygen isotopes between goethite and water, determined by Yapp (1990) through laboratory synthesis experiments, is 1000 lnα goethite-water = 1.63 × 10 6 T −2 − 12.3,
where T is in kelvins. At two thoroughly characterized modern sites, goethite forms in equilibrium with meteoric water, even when bacteria are involved in mineral formation (Yapp 1997) . Goethites with less well-known environments of formation show greater deviations from equilibrium (Yapp 1987) . Oxygen isotope fractionation between hematite and water is less well understood. Yapp (1990) suggested that the hematite-water and goethite-water fractionations are similar. Yet the hematite-water fractionation calculated theoretically (Zheng 1991 , Zheng & Simon 1991 , using a method that produces good matches to experimentally determined oxygen isotope fractionations for other minerals, is very different from Yapp's (1990) fractionation. The source of this discrepancy is unclear and requires further testing. As iron oxides "mature" from poorly crystalline precursors to more crystalline phases, they probably equilibrate with deeper soil water and shallow groundwater. This process may integrate isotopic signals over a longer time span than in soil carbonates, but it should reduce the impact of evaporation of soil waters on iron oxides.
DIAGENETIC ALTERATION OF PALEOSOL MINERALS Micritic soil carbonates may undergo recrystallization during burial, and fractures filled with later spar are common. While the δ 13 C of recrystallized micrite is similar to that of unaltered micrite, the impact on δ
O values is much greater (Koch et al 1995) . Through microsampling, ideally from thin sections, fracture-filling spars can be avoided. The δ
O of iron oxides are thought to be extremely resistant to diagenetic alteration (Becker & Clayton 1976 , Yapp 1991 (Smith & Epstein 1971) . The C3 pathway is most common, occurring in all trees, most shrubs and herbs, and many grasses. In C3 photosynthesis, CO 2 is fixed as a three-carbon sugar solely by the enzyme RUBP (Ribulose-1,5-bisphosphate) carboxylase. Because the large kinetic isotope effect associated with this enzyme is strongly expressed, C3 plants have There are strong abiotic influences on the distribution and isotopic composition of plants using different pathways. Among grasses, the incidence of C4 photosynthesis is correlated with growing season temperature, with higher C4 species abundance and biomass in regions with warm growing seasons (Ehleringer & Monson 1993 . CAM plants and C4 dicots are most abundant in arid regions. Among C3 plants, a number of factors (light level, water and osmotic stress, nutrient levels, temperature, P CO 2 ) produce predictable variations in plant δ 13 C values (Ehleringer & Monson 1993) . For example, in dense, closed-canopy forests, the δ 13 C of forest floor leaves may be 13 C depleted by up to 8l relative to leaves from the top of the canopy, owing to recycling of 
Detecting Changes in the Isotope Composition of the Atmosphere
Atmospheric CO 2 is the source of carbon in land plants. Thus materials that contain carbon derived from plants monitor the δ 13 C of the atmosphere (Figure 3 ).
On short time scales (<10 6 years), shifts in the δ 13 C of atmospheric CO 2 may result from changes in aspects of the surface carbon cycle, such as the rate of export of carbon from surface to deep water, the relative proportions of CO 2 uptake by land biota vs the ocean, or the rate of methane release from sediments (Marino et al 1992 , Dickens et al 1997 . On longer time scales, the δ 13 C of all surface carbon reservoirs is controlled by geologic factors, such as the relative rates of burial of organic carbon vs carbonate carbon and the rate of volcanic degassing (Berner 1989 , Derry et al 1992 . Also, many marine δ 13 C excursions are associated with marine biotic events (Holser & Magaritz 1992) . Because continental and marine surface carbon reservoirs are linked via rapid exchange with the atmosphere, δ 13 C variations provide a tool for correlating between land and sea at times of biotic turnover (Thackeray et al 1990 , Koch et al 1992 .
To study recent changes in the carbon cycle using the δ 13 C of atmospheric CO 2 , proxies are needed to supplement the short instrumental time series. Marino & McElroy (1991) , noting the low δ 13 C variability in C4 plants, analyzed kernels of corn, a C4 plant, and determined that the δ 13 C of atmospheric CO 2 has dropped ∼1.5‰ since 1950 because of fossil fuel burning. Their estimates matched the direct measurements of the δ 13 C of atmospheric CO 2 , including a few measurements made in the mid-1950s and the continuous record collected since 1978, extremely well. Estimates based on C3 plants have been plagued by high within-and between-plant δ 13 C variability, yet similar estimates for the change in the atmosphere were obtained from tree ring δ 13 C chronologies compiled from pinyon pines and from tooth dentin in C3-feeding moose (Leavitt & Long 1989 , Bada et al 1990 , Leavitt 1993 . Using 14 C-dated C4 plants, Marino et al (1992) estimated that the δ 13 C of the atmosphere was ∼−7.5‰ at the full glacial maximum, in contrast to a pre-industrial Holocene average of ∼−6.5‰.
Prior to the origin of C4 plants, large temporal variations in the δ 13 C of land plants should have been related to changes in the atmosphere driven by changes in the δ 13 C of marine surface waters. Koch et al (1992) examined the modern carbon cycle and proposed a model to predict relationships in δ 13 C among surface marine carbonate, paleosol organic matter and carbonate, and apatite, then examined isotopic coupling among marine and continental carbon reservoirs across the Paleocene-Eocene (P-E) boundary. The P-E transition is marked by a gradual increase in marine temperatures from ∼58 to 50 million years ago, punctuated by a brief pulse (<150,000 years long) of extreme warming ∼55 million years ago (Kennett & Stott 1991 , Zachos et al 1993 . Marine δ 13 C records show a similar pattern, with a gradual drop of ∼3‰ across the P-E boundary, and a brief drop of ∼4‰ during the short-term warming. Paleosol carbonates and apatite carbonates from the Bighorn Basin, Wyoming, matched the expected long-and short-term shifts in the marine record in timing, magnitude, and duration (Koch et al 1992 (Koch et al , 1995 (Figure 4a ). The (Wing 1998 ) drops and then rises in synchrony with changes in hematite δ 18 O values. Ages are assigned using the magnetic polarity time scale of Cande & Kent (1995) . Carbonate data for the Clarks Fork Basin are from Koch et al (1995) ; data for the other sections are new. Hematite data are from H Bao, PL Koch, and D Rumble (manuscript in preparation). spacing between apatite and soil carbonate was in the expected range, though at most stratigraphic levels, both phases were slightly 13 C-enriched relative to expectations from the model. This offset may indicate diagenetic alteration of both phases or a real difference in the carbon cycle between the Paleogene and the Recent.
Isotopic correlation revealed that a major turnover in North American mammal faunas near the P-E boundary coincided with the short-term pulse of marine warming and low marine δ 13 C values. Several modern mammal orders first appeared in North America during this event (Primates, Artiodactyla, Perissodactyla). These groups appeared near the P-E boundary on other Holarctic continents, but the timing of first appearances is debated (Dashzeveg 1988 , Gunnell et al 1993 . Recent studies of organic carbon from discontinuous P-E outcrops in Europe suggest that mammalian first appearances were coeval with the short-term warming there as well (Stott et al 1996) . The timing of mammalian arrivals in Asia and the Arctic relative to the short-term warming and δ 13 C excursion has not been evaluated. While the correlations to the marine record supplied by carbon isotopes provide no direct information about continental climate, it is tempting to speculate that the wave of arrivals in North America (and perhaps elsewhere in the Holarctic) are related to sudden warming, which may have promoted mammalian originations or allowed migration among Holarctic continents via high-latitude land connections. The causes of short-term warming and unusually low δ 13 C values are unclear. A hypothesis linking these events to the sudden release of methane clathrates from ocean floor sediments appears promising and deserves further testing (Dickens et al 1997) .
A dramatic (>6‰) drop and rise in the δ 13 C of marine carbonate and organic matter occurred across the Permian-Triassic (P-T) boundary, the time of the greatest extinction in earth history (Holser & Magaritz 1992 ). The precise relationships among the δ 13 C shift, the P-T boundary, and marine extinction remain unclear. It has been even more difficult to relate marine events to the profound floral and faunal changes on land. In a pioneering study, Thackeray et al (1990) examined the δ 13 C of apatite from late Permian dicynodonts in South Africa. They noted a drop of ∼7‰ across four assemblage zones approaching the P-T boundary, but they did not sample Triassic specimens and so could not detect a later rise in values. Adult dicynodonts lack tooth enamel (Hotton 1986), so Thackeray et al (1990) must have analyzed diagenetically suspect tooth dentin. The correlation of South African continental deposits to the marine record is being re-examined through carbon isotope analysis of soil carbonates and dicynodont tusks from continuous stratigraphic sections (MacLeod et al 1997) . Faure et al (1995) found a small shift in the δ 13 C of South African coals across the P-T boundary, and Retallack et al (1996) reported a drop of ∼4‰ in organic matter at the boundary in Australia, but again, neither study documented a Triassic rise. Further study of tooth enamel, soil carbonates, and organic matter from other sections across the P-T boundary would be useful.
Detecting Changes in Vegetation
Carbon isotope analysis has been used with great success to explore changes in vegetation on a range of time scales. For example, by comparing organic carbon in surface vs deep layers of modern soils, Steuter et al (1990) showed that C3 woodlands in Nebraska have expanded onto adjacent C4 prairie since European settlement. A similar analysis revealed that the forest-savanna ecotone occurred higher along the Kenya Rift Valley in the mid-Holocene than at present . Soil carbonate and organic matter from paleosols in the Great Plains have been used to document shifts in C3 vs C4 grass abundance associated with changing temperature and aridity since the Pleistocene (Humphrey & Ferring 1994 , Nordt et al 1994 , Fredlund & Tieszen 1997 .
Inferences about floral change using carbon isotope ratios of paleosols have low temporal resolution. Soil carbonates may form over thousands of years. Translocation of organic carbon may modify isotopic signatures in soils. Time averaging occurs over a shorter interval in isotopic records from fossils. Individual fossil organisms contain carbon ingested over a short life span, and each specimen, at least in principle, may be analyzed to deconvolute the effects of stratigraphic mixing. Furthermore, dietary specializations of animals can be exploited to probe more subtle aspects of floral cover. The δ 13 C values of grazers 1 reflect the proportion of C3 to C4 grasses, whereas mixed-feeding herbivores monitor the proportions of C3 to C4 plants in the flora as a whole.
Bison are non-selective grazers, and the δ 13 C of fossil bison collagen from the northern Great Plains supports the finding that C4 grasses increased in abundance from late Pleistocene to Holocene (Tieszen 1994 ). C values, demonstrating the dominance of C4 grasses in the region in the late Pleistocene. The diets of presumed browsers on trees and shrubs (mastodon, tapir, deer) consisted almost entirely of C3 plants. Surprisingly, horses, presumed grazers, ate a large amount of C3 vegetation, either by selectively grazing on C3 grasses and sedges or by browsing on trees and shrubs (Koch et al 1998) . These data reveal that a vegetational mosaic existed in the region, with woodland patches interspersed with open areas dominated by C4 grass. Of course, faunal isotope records could give a biased impression of (Ferring 1990 ). The age for the Ingleside site, which formed during an interglacial or interstadial, is uncertain. Previously unpublished data were obtained following methods of Koch et al (1998). local floral heterogeneity if the animals were migratory. Such a bias is unlikely to be significant when inferences about vegetation are based on isotopic records from small herbivores, but records from large herbivores must be viewed with caution until methods for identifying migratory behavior are developed.
Although fossil grasses are rare, there is evidence from mammalian morphology and paleosols that grasslands have existed for the last 20 million years (Retallack 1990 , Janis 1993 , MacFadden 1997 . Today, C4 grasses are important in temperate prairies, tropical savannas, and arid grasslands (Ehleringer & Monson 1993) . The rise of C4 plants has been revealed through isotopic analyses of tooth enamel from grazing mammals, which reflect changes within the grass component of the flora, and soil carbonates, which record changes in , Latorre et al 1997 and soil carbonates from Arizona (x) and New Mexico (cross) (Wang et al 1993 , Mack et al 1994 , MacFadden & Shockey 1996 , Latorre et al 1997 and soil carbonates in northern Argentina (cross) (Latorre et al 1997) . δ 13 C values greater than the dashed lines suggest the presence of C4 plants.
the flora as a whole. By summing possible environmental effects on the δ 13 C of C3 plants, Latorre et al (1997) argued that enamel or soil carbonate values above −8‰ are strong evidence for the presence of C4 plants.
In south Asia, isotopic records from soil carbonates and tooth enamel (as well as eggshell carbonate and soil organics) reveal a dramatic increase in the abundance of C4 plants at 7 ± 1 million years ago (Quade et al 1992 , Morgan et al 1994 , Stern et al 1994 , Quade & Cerling 1995 (Figure 6a ). The observation that organic matter in marine-deposited sediments on the Bengal Fan increased by 10‰ during this interval is evidence that the biomass of the entire region was affected by this change (France-Lanord & Derry 1994) . The records from other continents are more complicated. The δ 13 C values of tooth enamel from grazing mammals in East Africa and low-latitude North and South America significantly transgressed the −8‰ limit ∼7 million years ago ( Figure  6b,c) , whereas values from grazers at higher latitudes in North America only rose later (∼3 million years ago), and those from western Europe never deviated from the C3 range (Morgan et al 1994 , Cerling et al 1997b . Paleosol carbonates in southwestern North America, northern Argentina, and East Africa reveal a different pattern than those from Asia. Dominance of local ecosystems by C4 plants in these regions occurred later, between 3.5 and 2 million years ago (Figure 6b,c) (Cerling 1992a , Kingston et al 1994 . Thus the general pattern is one of a sudden increase in the proportion of plants using C4 photosynthesis within low-latitude grasses ∼7 million years ago, followed by the dominance of some ecosystems by C4 grasses at later times.
The cause of the sudden expansion of C4 grasses 7 million years ago is debated. Based on differences in the efficiency of CO 2 fixation between C3 and C4 plants, Cerling et al (1997b) suggested that a drop in atmospheric P CO 2 below a critical threshold in the late Miocene may have favored C4 plants. On the other hand, C4 plants also have a competitive edge under hotter/drier conditions, thus their rise could be linked to climate change (Latorre et al 1997) . Cerling et al (1997b) argued that the global synchrony of the rise in C4 grass abundance is evidence for a global forcing mechanism. Since climates are likely to show regional variation, they argued for changes in P CO 2 as the cause. It may be that changes in atmospheric P CO 2 drove the shift from C3 to C4 grasses within ecosystems, whereas regional climate determined when (or whether) grasses dominated local floras.
The impact of the expansion of C4 plants on mammalian faunas has not been evaluated critically. There are marked turnover events among herbivores in southern Asia, North America, and East Africa that appear to be associated with the rise in abundance of C4 plants (MacFadden 1997 , Cerling et al 1997b . What is driving these events? C3 plants contain significantly more nitrogen than C4 plants (Barbehenn & Bernays 1992 , Ehleringer & Monson 1993 . C4 grasses may contain a higher content of difficult to digest cell wall constiuents, and a lower content of easily digested soluble carbohydrates, than C3 plants (Demment & Van Soest 1985) . Furthermore, because the most nutrient-rich tissues in C4 plants are shielded by thick-walled bundle sheath cells, these tissues may be less digestible than the nutrient-rich tissues in C3 plants (Caswell et al 1973) . Thus the shift to C4 grass dominance very likely resulted in a decrease in the quality of forage for grazers.
The effects of this decrease on herbivores may have varied, depending on their body size and digestive physiology (Demment & Van Soest 1985 , Illius & Gordon 1992 . Given their ability to recycle urea nitrogen back to their microbial gut faunas (Van Soest 1982) , ruminant artiodactyls might be expected to tolerate the drop in protein content of grasses better than nonruminant artiodactyls and hindgut fermenters. Furthermore, large-bodied herbivores are capable of subsisting on more fibrous forage than smaller-bodied herbivores, owing to their greater gut capacities relative to metabolic requirements (Demment & Van Soest 1985) . Consequently the greater fiber content, and potentially lower digestibility, of C4 grasses may have favored large-bodied grazers. These trends in herbivores (increased abundance of ruminants, increased body size) seem to be borne out by the North American record (Janis et al 1994 , but the question of the herbivore response to the rise of C4 plants is an exciting one that requires careful study.
Attempts to reconstruct the habitats of extinct apes and hominids have been made in a number of studies. For example, interpretations of the paleoenvironment at the 14-million-year-old Fort Ternan site in Kenya, which yields fossil apes, have varied from a savanna to a woodland-bushland to a closed tropical forest (Cerling et al 1997a) . Carbon isotope analysis of tooth enamel and soil carbonates provide no conclusive evidence for C4 vegetation (Cerling et al 1991 (Cerling et al , 1997a . However, this site predates the Neogene expansion of C4 plants by millions of years, so this result is not especially surprising. The isotopic evidence does preclude reconstruction of Fort Ternan as a modern tropical savanna, as the grasses in these ecosystems are almost exclusively C4. Because none of the herbivores exhibited extreme 13 C-depletions, a closed-canopy tropical forest seems unlikely as well (Cerling et al 1997a) . While many taxa have morphologic attributes common to browsers, microwear analysis of tooth enamel indicates that several taxa may have been mixed-feeders or grazers (Cerling et al 1997a) . A more open woodland with patches of C3 grass seems most consistent with all the data.
Study of tooth enamel from mammals at Swartkrans Cave, South Africa (∼1.8 to 1.0 million years old), has been enlightening (Lee- Thorp et al 1994) . Browsing bovids at the site consumed nearly 100% C3 plants, whereas grazing bovids had 100% C4 diets. Thus, as in Texas, the areas around the cave in the Pleistocene included both C3 trees and shrubs and C4 grasses. Among baboons, two species of Papio related to modern savanna baboons consumed C3-rich diets, whereas Theropithecus spp. (related to the modern gelada) ate mostly C4 grass. The hominid Australopithecus robustus also occurs in these deposits. A. robustus had large molars with thick enamel and powerful jaw musculature and has been viewed as a specialized vegetarian, perhaps consuming seeds, pods, or hard fruits. Enamel microwear analysis provides no evidence of grass consumption (Grine & Kay 1988) . In contrast, δ 13 C values from A. robustus are higher than those of co-occurring browsers, indicating a contribution of carbon from C4 grass to the diet. As direct grass consumption is precluded, Lee-Thorp et al (1994) concluded that A. robustus must have obtained C4 carbon indirectly, from the meat of grazers. Study of Australopithecus africanus, which occurs in older cave deposits nearby, as well as early Homo spp., could address questions about the role of competition in the history of hominids.
OXYGEN ISOTOPES AND PALEOCLIMATOLOGY
Climatic influences on the δ
18
O of meteoric water have been recognized since global precipitation monitoring began in the 1950s (Dansgaard 1964) . In temperate and boreal regions, mean annual temperature (MAT) and mean annual meteoric water δ
18 O values show a strong, positive correlation. The slope for the relationship between MAT and δ 18 O at sites with a MAT between 0 • and 20
• C is ∼6.0‰ per degree Centigrade (r > 0.8); higher slopes are observed in polar regions (Rozanski et al 1993) . Individual mid-to high-latitude sites also exhibit a seasonal relationship between the δ 18 O of meteoric water and temperature, with lower values in cold months. These average and seasonal relationships result from 16 O enrichment during evaporation from warm oceans, loss of 18 O-enriched water via rainout during vapor transport to cooler regions, and equilibration of falling droplets with local water vapor (Gat 1996) . In tropical and subtropical regions, seasonal variations are smaller, and the average δ 18 O value is more strongly related to the amount of precipitation, with lower values in areas with greater rainfall. The slope for the relationship between mean annual rainfall and mean annual meteoric water δ
O values at tropical island sites is −0.013‰ per millimeter (r > 0.8) (Rozanski et al 1993) . The phenomenon of 16 O enrichment via rainout has been modeled as a Rayleigh process (Gat 1996) , and the modern annual and seasonal distributions of meteoric water δ 18 O values have been simulated with general circulation models (Jouzel et al 1991) . Spatially derived modern relationships have been used to reconstruct climatic changes from temporal changes in δ
O values, though the assumptions underlying the approach are debated (Lawrence & White 1991 , Boyle 1997 .
Land animals that drink from rivers and lakes that have not experienced significant evaporation may ingest a representative sample of local meteoric water. The extent to which local surface waters express the seasonal variations in the δ 18 O of meteoric water is highly variable, depending on the hydrologic characteristics of the catchment basin and groundwater system (Gat & Gonfiantini 1981) . The water in plants supplies a large fraction of the water ingested by some land animals. The δ 18 O value of plant water is similar to that of surface water, except for water in leaves, which is O-enriched by evapotranspiration. The enrichment is greatest under hot, dry conditions (Dongmann et al 1974 , Yakir et al 1990 . The δ
18 O values of fish otoliths and soil minerals are influenced by the δ 18 O of meteoric water (or soil water) and by temperature-dependent changes in fractionation.
Reconstructing the Average δ
O of Meteoric Water
The δ 18 O of meteoric water is a key proxy in many approaches to paleoclimatic reconstruction, including studies of plants, speleothems, ice cores, vertebrates, and soil minerals. Much of this work has focused on the Holocene and Pleistocene. For example, climate change during the Little Ice Age has been implicated in the decline of Norse colonies in coastal Greenland. To investigate local climate change, Fricke et al (1995) measured the δ
18
O of apatite phosphate from enamel of Norse and Inuit inhabitants. They detected a 4‰ drop during the Little Ice Age, which they tentatively interpreted as a cooling of ∼6
• C. These reconstructed changes in δ 18 O and MAT are much larger than those in coeval ice core records from central Greenland, however, perhaps because of conflation of signals from changing cultural practices, hydrology, and climate (Bryant & Froelich 1996) . Whatever the cause, the study provides clear evidence for a major environmental perturbation in coastal Greenland.
Models of oxygen mass balance suggest that large carnivores and obligatedrinking herbivores should track changes in the δ
O of meteoric water most faithfully (Bryant & Froelich 1995 , Kohn 1996 . Proboscideans (elephants and their kin) fit the latter description nicely, and unlike carnivores, they are abundant in Neogene deposits. Ayliffe et al (1992) used a calibration between the δ 18 O of meteoric water and modern elephant phosphate (Figure 1 ) to estimate glacial-interglacial changes from fossil proboscidean enamel from England. As expected, the δ 18 O estimate from full glacial mammoths was lower than the estimate from interglacial animals. Analysis of apatite carbonate from proboscideans in southeast Florida revealed that full glacial animals (∼21,000 years old) ingested water that was ∼1.8‰ more negative than that ingested by late glacial animals (∼12,000 years old) (Koch et al 1998) . Assuming proboscideans ingested representative meteoric water, and correcting for the drop in δ 18 O of the ocean resulting from glacial melting, the shift in δ
O between full glacial and late glacial times in Florida was ∼2.3‰. Applying the modern δ 18 O/MAT slope, this difference suggests that the full glacial climate in south Florida was at least 4 • C cooler than today. This is consistent with estimates for temperature change from corals in Barbados (Guilderson et al 1994) . These results demonstrate that mammals retain records of meteoric water δ
O values that can be used in paleoclimatic studies for at least the Pleistocene and perhaps for the entire Cenozoic (Sánchez Chillón et al 1994 , Bryant et al 1996a , Reinhard et al 1996 . The δ 18 O values of drought-tolerant mammals, and those that ingest a large amount of leaf water, are also affected by relative humidity (Ayliffe & Chivas 1990 , Luz et al 1990 . Cormie et al (1994) presented a method for estimating relative humidity using collagen hydrogen isotope ratios (δD) and phosphate δ 18 O values from deer. In essence, the δD of ingested plant hydrogen is not affected by evapotranspiration and thus is used to estimate the δ
O of meteoric water, whereas the δ 18 O of ingested leaf water is strongly sensitive to humidity. The method provides reasonable estimates of modern relative humidity, but it has never been applied to fossils. Kohn (1996) suggested that comparisons of δ
18 O values of drought-tolerant mammals with those of obligate-drinkers or carnivores might supply an index of relative humidity, but this idea is untested.
Soil minerals are valuable independent proxies for the δ
O of meteoric water. For example, the δ 18 O of soil carbonates from Asia (Figure 6a ), South America, and East Africa all increased by ∼3‰ in phase with the Neogene C4-grass expansion (Latorre et al 1997) . Possible climatic causes are increased summer rainfall, increased MAT, or decreased humidity. Alternatively, the increase may be an effect of grassland expansion, as higher rates of evaporation (and concomitant 18 O enrichment of soil water) might be expected in grasslands relative to woodlands. Study of browsing mammals might discriminate between these hypotheses. If climatic factors are shifting the δ
O of meteoric water, the δ
O values of browsers should increase along with those of soil carbonates and grazers; if higher evaporation from grasslands is the cause, browsers may not show the increase.
The δ 18 O of hematite is being used to evaluate climatic change at the P-E boundary in Wyoming (H Bao, PL Koch, D Rumble III, in preparation). Hematite encrusts fossil vertebrates from paleosols and is intergrown with soil carbonate, which demonstrates its pedogenic origin. The hematite-water fractionations of Zheng & Simon (1991) and Yapp (1990) are both relatively insensitive to temperature changes from 0
• to 100 • C; thus, variations in the δ 18 O of hematite can be taken as a relatively direct proxy for changes in the δ 18 O of water. Hematite δ
18 O values are high from the latest Paleocene to early Eocene, before and after the interval of short-term marine warming (no samples are available from the event itself ) (Figure 4d ). Hematite δ
18 O values drop in the early Eocene and remain low until their rapid rise ∼53 million years ago. These trends mirror changes in MAT estimated from leaf margin analysis, which suggests warm temperatures from late Paleocene to early Eocene, followed by a cool interval ∼54 million years ago and then rapid warming to the Eocene thermal maximum (Wing 1998) . If the modern δ
O/MAT slope is applied, the changes in MAT inferred from meteoric water δ
O estimates and leaf margin analysis are similar. This close match between independent proxies demonstrates the great potential of authigenic minerals for quantitative paleoclimatic reconstruction.
Reconstructing Seasonal Changes in Temperature and the δ 18 O of Meteoric Water
While multi-year averages of temperature or the amount of precipitation capture many features of the climate system, intra-annual variability of these characteristics have a powerful impact on ecosystem structure, geomorphology, and geochemical processes. Climatic simulations now reproduce broad trends in MAT for distant time periods quite well, but they do not match the sparse paleoclimatic record for seasonality of temperature, particularly for midcontinents in warm climate intervals (Sloan 1994) . Proxies for seasonality are a priority in paleoclimatic research. Isotopic analysis of growth laminations in teeth has been explored as a proxy for seasonal cycles in the δ 18 O of meteoric water and temperature. Koch et al (1989) detected cyclic variations in the δ 18 O of carbonate from proboscidean tusks, with the lowest values in slow growth zones, which is expected if slow growth occurred in winter. These tusks are composed entirely of dentin, however, so diagenetic dampening of seasonal cycles is a concern. Subsequent studies using tooth enamel have detected subannual δ
18
O cycles in fossil beaver (Stuart-Williams & Schwarcz 1997) , proboscideans (Fox & Fisher 1996 , Koch et al 1998 , and bison (Fricke & O'Neil 1996) , and Cerling & Sharp (1996) made a major advance in high-resolution microsampling by in situ laser fluorination. To date, however, no study of modern enamel has successfully reconstructed the full amplitude of seasonal cycles in the δ
O of meteoric water, including a study of samples collected at very high temporal resolution from ever-growing beaver incisors (Stuart-Williams & Schwarcz 1997) . The amplitudes for fossils are suspiciously low as well. Unpredictable hydrologic mixing may make quantitative reconstruction of seasonal cycles in meteoric water δ
O values impossible. However, the fact that different growth bands in teeth have seasonspecific δ
18 O values remains an important tool in paleoecological studies of seasonal changes in diet, habitat, and mortality (Koch et al 1989 , Fisher 1996 .
Isotopic analysis of otoliths shows greater promise as a proxy for seasonality. In otolith analysis, the δ 18 O of water inhabited by the fish is evaluated independently, then shifts in aragonite δ 18 O across the otolith are used to estimate seasonal changes in water temperature (Smith & Patterson 1994 , Patterson 1998 . When otoliths from large lakes are examined, it is assumed that the δ 18 O of lake water does not change seasonally. Lake water δ
O values are estimated using taxa from clades with well-known temperature limits on growth. In these animals, the highest δ
O values for each year of growth correspond to aragonite formed in isotopic equilibrium with lake water at the lowest growth temperature. Thus the method supplies an estimate of δ 18 O, as well as seasonal changes in lake temperature. Computer-aided micro-milling permits collection of aragonite formed over intervals as short as three days.
The method was used on drum (a kind of fish) collected at archaeological sites in western Lake Erie (Patterson 1998). Drum do not grow at temperatures <10
• C; thus otolith aragonite only records fluctuations between 10 • C and the summer maximum. Patterson (1998) modeled the full range of seasonal temperature variation by fitting the measured portion of the seasonal cycle with a sine curve. He concluded that the δ 18 O of lake water dropped from −6.3‰ at 930 AD to −8.2‰ at 1570 AD (the Little Ice Age) (Figure 7 ). Mean lake temperature Figure 7 Changes in lake water δ 18 O values (cross) and seasonal range of temperatures ( filled square) reconstructed through isotopic analysis of drum otolith aragonite from western Lake Erie (Patterson 1998). Symbols are the mean, and error bars represent one standard deviation for measurements over several years of otolith growth. Lake water δ 18 O for 1950 is the modern value. dropped ∼4.5
• C across this interval, and seasonality and year-to-year differences in mean temperature increased. Patterson (1998) attributed these changes to shifts in the position of the circumpolar vortex. Smith & Patterson (1994) estimated the δ 18 O and summer temperature of Lake Idaho, a mid-Pliocene lake on the Snake River plain. The δ
O of lake water was estimated from deep water sculpin that today prefer water of ∼4
• C, whereas temperature variations were determined using an otolith from a surface-dwelling sunfish. Maximum summer temperature did not change, though faunal evidence suggests longer growing seasons and warmer winters in the Pliocene.
NITROGEN ISOTOPES AND RAINFALL ABUNDANCE
The nitrogen isotope composition of land herbivores reflects that of ingested plants. Several (Evans & Ehleringer 1994) . These correlations may reflect greater 15 N enrichment of soil nitrogen in dry soils (Shearer et al 1978) due to higher rates of nitrogen loss. Third, the δ 15 N of non-fixing plants is higher in coastal regions, perhaps owing to deposition of marine nitrate (Virginia & Delwiche 1982 , Heaton 1987 .
Herbivore collagen δ 15 N values shows the expected negative correlation with rainfall abundance in southern Africa, though as mentioned above, the 15 N between collagen and diet is larger in arid regions (Heaton et al 1986 , Sealy et al 1987 . Shifts in the δ 15 N of herbivores were interpreted as evidence for decreasing rainfall abundance from early to late Holocene in the Kenya Rift Valley (Ambrose & DeNiro 1989) . The relationship between rainfall abundance and herbivore δ 15 N values is more difficult to evaluate in North America because the use of nitrogen fertilizers masks natural variability. Cormie & Schwarcz (1996) attempted to account for this effect in a study of North American deer, and they only found a negative correlation between rainfall abundance and δ 15 N in deer consuming a large amount of C4 grass. Tieszen (1994) N of ostrich eggshell protein and rainfall abundance in southern Africa and then applied the relationship in a multi-isotope study of climate change using fossil eggshells from Equus Cave, South Africa (Johnson et al 1997) . Individual eggshell fragments were dated using a 14 C-calibrated amino acid racemization curve. Organic δ 13 C and δ 15 N and carbonate δ 13 C and δ
18
O values of all dated fragments were measured. Today the vegetation around the cave is a savanna, where C4 grass coexists with C3 trees and shrubs. Ostriches are mixed feeders, but they prefer trees and shrubs over grass. Eggshell protein δ 13 C values were invariant from 17,000 years ago to present; thus C3 browse was available throughout this time. The δ 13 C of enamel from grazing mammal fossils at the cave indicates dominance by C4 grasses, with sporadic periods of higher C3 grass cover, perhaps due to changes in the seasonality of rainfall (Lee-Thorp & Beaumont 1995) . Today rainfall near the cave is low (∼450 mm/year), and it arrives chiefly in the summer. MAT is ∼16
• C. Eggshell protein δ 15 N values suggest that annual precipitation was ∼190 mm/year from 17,000 and 14,000 years ago, then increased to ∼600 mm/year by 6,000 years ago, after which it remained relatively constant. Eggshell δ 18 O values were low from 17,000 to 4,000 years ago, then rose to a maximum ∼1,000 years ago. Ostriches obtain most of their water from plant tissues, so eggshell δ 
CONCLUSION
A large amount of information about ancient environments is locked in vertebrate fossils and the soils and sediments that surround them. Carbon isotopes record changes in the structure of vegetation and the concentration and isotopic composition of atmospheric CO 2 , though the former subject is only touched on briefly above. Oxygen isotope variations may be indirectly related to climate, through the δ
18
O of meteoric water, or directly related to temperature, as, for example, in the analysis of fish otoliths from large lake systems. Nitrogen isotope variations show promise as a proxy for rainfall abundance. I conclude by examining the current limitations on these methods and the directions that might be explored profitably in the future.
A key goal of paleoclimatic and paleoenvironmental research is the generation of quantitative estimates of ancient conditions. At present, our ability to put hard numbers on percentages of C3 vs C4 cover, the δ
O of meteoric water, or the amount of rainfall through analysis of vertebrate fossils is limited by uncertainties about biological fractionations. These uncertainties may be resolved only through experimental work on isotopic physiology and more careful monitoring of wild animals (Gannes et al 1997) . The situation for inorganic mineral-water fractionations is better, except for lingering uncertainties about the hematite-water fractionation.
Carbon isotope analysis of ancient ecosystems is a relatively mature discipline. A large body of research over the past 10 years has fleshed out the pattern of Neogene C4 plant expansion, and the C3/C4 difference is the basis for most Neogene paleodietary research. The antiquity and abundance of plants following the CAM photosynthetic pathway, which has the potential to serve as an isotopic label in pre-Miocene ecosystems, has not been extensively investigated using stable isotopes (Bocherens et al 1993) . Also, the environmental and biological controls on δ 13 C variation within 100% C3 ecosystems are rarely exploited in paleoenvironmental research. For example, C3 plants in water-limited microhabitats have higher δ 13 C values than do plants in wetter microhabitats (Ehleringer & Cooper 1988) . Among boreal plants, different life forms (e.g. evergreen tree vs deciduous herbs) consistently differ by up to 6‰ (Brooks et al 1997) . Landscape-scale differences in soil moisture or local plant cover may be detectable through isotopic analyses of soil carbonate or micromammal teeth collected along individual paleosols. The 13 C depletion of forest-floor plants in closed canopy ecosystems is strong, and it is easily detected in modern ecosystems through comparison of 13 C/ 12 C ratios of forest-floor vs arboreal herbivores (Ambrose & DeNiro 1986 , van der Merwe & Medina 1991 . This approach can provide information about forest density in the past. For example, Koch et al (1998) discovered that deer and tapir at Pleistocene localities in Florida have unusally low δ 13 C values, which suggests that the forest patches inhabited by these species were relatively dense, despite the fact that both of these species are recovered in association with open country herbivores.
Oxygen isotope analysis of paleoclimates using vertebrate fossils and paleosol minerals has great scope for growth. Isotopic microanalysis of fish otoliths has just become technically feasible and should be a rich source of data on Neogene, and perhaps older, climates. The key limitations to otolith work are the quality of the biological assumptions needed to estimate lake water δ
O values and the assumption that lake surface water δ
O values do not vary seasonally. However, both these assumptions may be evaluated using data from independent sources. The controls on oxygen isotope variation in land vertebrates are coming into clearer focus, owing to both a growing number of analyses of samples from natural ecosystems (Bocherens et al 1996 and to increasing success in modeling of 18 O/ 16 O ratios of vertebrates (Bryant & Froelich 1995 , Kohn 1996 . It remains to be seen whether we will be able to develop robust models for reconstructing ingested water δ
O values from the apatite of extinct species. For ancient systems, analysis of authigenic minerals in paleosols will be extremely important.
A number of applications of oxygen isotopes to paleoclimate reconstruction have not yet been explored thoroughly. Methods for assessing relative humidity are in development, but they have not been applied to ancient settings. A derivative application of ancient meteoric water δ
O values that, so far, has gone unexplored, is estimation of paleoaltitude. Rainout processes lead to 18 O depletion from low to high altitudes along storm tracks (Dansgaard 1964) . It should be possible to monitor ocean-mountain δ
O gradients to determine tectonic uplift history. If so, it would be important not only to tectonic studies but also to recent controversies over the impact of mountain uplift on global climates and biogeochemical cycles (Molnar & England 1990 , Raymo & Ruddiman 1992 .
Finally, in both paleoenvironmental and paleoclimatic analysis, more explicit integration with climate modeling is essential. For example, Tieszen et al (1997) determined the relationship between the δ 13 C of soil organic matter and the proportions of C3 vs C4 biomass at a large number of sites in the Great Plains. These data, if coupled with local climate data, could be used to generate transfer functions that relate change in key climatic parameters, such as growing season temperature or rainfall abundance, to C3 vs C4 abundance and soil δ 13 C values. Ultimately, local records of change in relative proportions of C3 and C4 cover could be compared with reconstructions of change from climatic simulations. This is analogous to the approach taken in palynofloral/climate simulation comparisons .
The need for greater links to atmospheric and oceanic modeling is even more pressing for studies attempting to interpret paleoclimatic change from the record of meteoric water δ
O values. The δ 18 O/MAT relationship is a valuable global approximation, but it has always been recognized that the relationship has a large amount of scatter that may be interpretable in view of factors such as local temperature at sites of evaporation and precipitation, the direction of storm tracks, orographic effects, and the type of precipitation (rain vs snow). Ideally, information on the δ
O of meteoric water for an ancient time interval should be gathered at a network of continental sites, so that these data could be used to constrain climatic simulations for that interval that include isotopes as a hydrologic tracer. Models capable of forging these links exist, and they have been applied to the Quaternary ice core record (Charles et al 1994) . At present, the history of variations in MAT or the δ 18 O of meteoric water on land is far from complete, but the tools needed to reconstruct these records, including the isotope chemistry of vertebrate, invertebrate, and plant fossils, as well as authigenic minerals, are now in hand.
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